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0 Abstract

For climate change investigations it is necessary to include the influence of aerosol particles
with their temporally and spatially variable properties in addition to the known effects of
greenhouse gases. Global ficlds of all optical parameters necessary for an estimate of the
radiative forcing by aerosol particles and to quantify the resulting climate effects are not
available from measurements due to the multiple influence parameters. Therefore, aerosol
data globally existing from different measurements and more extensive models have been
compiled into the Global Aerosol Data Set (GADS).

In the GADS presented here, the atmospheric aerosol particles are described by 10 main
aerosol components which are representative for the atmosphere and characterised through
their size distribution and their refractive index depending on the wavelength. These aerosol
particles are based on components resulting from aerosol emission, formation and removal
processes within the atmosphere, so that they exist as mixtare of different substances, both
external and internal. Typical components include water-soluble, water-insoluble, soot, sea-
salt and mineral. The sea salt particles are defined in two size classes and the mineral particles
in four,

For these chosen components the radiative properties are calculated by means of Mie theory at
wavelength between 0.3 and 40 um and for 8 values of relative humidity. In addition to the
optical properties, the global aerosol distribution of each defined aerosol component including
the vertical profile has been determined by the GADS on a 5°%x5° latitude-longitude grid for
winter and summer. This permits the determination of the radiative properties and mass

concentration of the resulting externally mixed aerosols at each grid point on the globe.




1 Introduction

Atmospheric aerosols are a significant source of direct climate forcing (e.g. Grassl, 1988;
Penner et al., 1994; Lacis and Mischenko, 1995) and perhaps the greatest uncertainty in
climate forcing is that due to tropospheric aerosols (Hansen, 1993). Scattering of tropospheric
anthropogenic aerosols causes a clear-sky forcing, which on the average is comparable in
magnitude but opposite in sign to forcing by anthropogenic greenhouse gases (Hansen and
Lacis, 1990; Charlson et al., 1992) and thus are responsible for at least partially masking the
warming due to past greenhouse gas increases.

However, unlike greenhouse gases, aerosol particles exhibit significant temporal and spatial
variations, both in amount and properties, and, moreover, the direct aerosol radiative forcing
depends on solar elevation and surface albedo. Thus, it is desirable to include the aerosol
effects in global circulation models with the aerosol properties changing with time and
position in the atmosphere. Detailed process oriented aerosol microphysical models to track
the evolution of the aerosol properties and concentration, in addition to and depending on the
meteorological parameters, are available only for a few aerosol types. Thus the use of average
aerosol properties even now is a good method for the investigation of direct climatic effects of
tropospheric aerosol particles, both natural and anthropogenic. A way to describe aerosol
properties which considers both their different sources and their modifications during stay in
the atmosphere is external mixing of internally mixed components (WMO, 1983).

This approach is utilized to describe aerosol properties in the Global Aerosol Data Set
(GADS) with the mixing ratios depending on season and place. Data are given for summer
and winter on a global grid with 5° longitude and latitude spacing. GADS is a compietely
revised version of the aerosol climatology developed by d'Almeida et al. (1991), Data of
GADS are internally consistent with respect to aerosol mass per volume and optical properties
and they appear to be comparable with different regional in situ and ground based
measurements and satellite data, as well directly aerosol as radiation observations. The
properties of the aerosol components are available and easy to handle in the software package
Optical Properties of Aerosols and Clouds (OPAC) (Hess et al, 1996). OPAC gives the
possibility to model climate relevant optical properties of any mixture of clouds and aerosols
for individual cases.

It must be emphasised, that aerosol observations made on different places on earth are not at

all adequate for a precise description of their global spatial and temporal radiative properties




(e.g. Heintzenberg, 1989; Bashurova et al. 1992; Pinnick et al. 1993; Hinel, 1994). Moreover,
measured data sets are seldom complete with respect to all quantities and wavelengths which
are necessary for climate modelling. Thus, a possible way is to combine different information
both of optical and of microphysical measurements, with the use of different components and
their mixture. This is consistent with the current limitations on our knowledge of the
atmospheric aerosols, Measuring campaigns are too infrequent, in comparison with the high
variability of tropospheric aerosol due to its short life time, with the consequence that the
conditions at a specific location and time can differ from the results in GADS by more than an
order of magnitude. But the data are a useful tool for acrosol sensitivity studies and for use in

GCMs,

2 Modelling needs and realisation

The direct climatic impact of aerosols is due to their modification of atmospheric radiation
balance at all wavelengths with a reduction of the solar irradiance reaching the lower
atmosphere and surface as a consequence of aerosol backscatter and with atmospheric heating
as consequence of aerosol absorption. To calculate these effects with a suitable radiative
transfer model as function of location on earth (X,y), height in the atmosphere (z), time (t), it is

necessary to have the wavelength (A) dependent aerosol radiative parameters: extinction

coefficient o, , single scattering albedo @y and phase function P(8) or at least the asymmetry
factor g.

At present, such data over the full range of solar and thermal wavelengths neither are available
from in-situ measurements, nor from remote sensing. The only way is to compute them with
light scattering theory (usually Mie theory) from the aerosol size distribution and the
wavelength dependent refractive index. To allow for the problem of internal and external
mixing of particles of different origin (WMO, 1983), an adequate way to describe the total
acrosol is adding of internally mixed aerosol components with time and site dependent
amounts of the number of particles of each of the components. This procedure is extremely
flexible and allows, if improved information is available, to change the properties of
individual components e.g. size distribution, refractive index or effect of relative humidity
without changing the others, Also the mixing ratio or the total amount of particles easily can
be improved or further components can be added if necessary. Combining the individual

components in this manner allows the climate model to follow or model the evolution of
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aerosol components separately or to model selected aerosol components (e.g. soot), and utilize
the default GADS global climatology for the others. Also use of scattering theories which
consider properties of nonspherical particles is possible, but not yet done. This may be part of
future improvements as well the variation of properties or amount of components as function
of meteorological parameters, calculated by the climate model.

In the present version of GADS, ten aerosols components are used to describe the aerosol. In
general, these are the components already used in d’Almeida et al. (1991) and WMO (1983)
with some improvements mentioned below. From these components the aerosol is mixed (o
averages valid for a grid of 5° longitude and latitude and both for summer (June, July, August)
and winter (December, January, February).

To get information on the relative amount of the components, information from optical
measurements like spectral extinction coefficients (Angstrém parameters) and single
scattering albedo and from microphysical measurements like radius dependent mass or
chemical composition is used. Optical measurements like visibility, extinction coefficient,
optical depth and microphysical measurements like total particle mass are used to derive the
total aerosol amount,

In-situ measurements in any case are available only from few locations, often in the vicinity of
cities, and for short time periods and specific weather conditions. Thus the averages in space
and time only are estimated. To fill the grid on the global scale moreover similarity
considerations are used and descriptive information, like the vegetation type and the days with

blowing dust.

3 General description

The tropospheric aerosols are described by an external mixture of internally mixed aerosol
components. In the GADS, 10 aerosol components are defined characterised through the
particle size distribution and the wavelength dependent index of refraction. The aerosol
particles are based on components which result from aerosol emission, formation and removal
processes within the atmosphere, so that they exist as mixture of different substances, both
external and internal. The choice of 10 components is a compromise between the need for
detailed information and the possibility to get it. The components and the parameters to
describe their microphysical properties of are given in Table 1. Detailed information on the

components is given in the next chapter.




The size distribution of each component is given as log-normal distribution with ry, the mode
radius, ¢ the geometric standard deviation to describe the width of the distribution and N the

particle number density of the component (in particles/cmB).

dN() N 1 (iogrmiogrm )2 3.1)
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The volume V of one particle, which represents an average of the component is given with

Equation (3.2) if integrated over all radii.
V= 4 T o exp [% In G] 3.2)
3

The mass M of one average particle is given by its volume multiplied with its specific density

p
M=V-p. (3.3)

For each of the components, the complex refractive index is given as bulk property. That
means, a homogeneous internal mixture of the different chemical substances which form the
particles is assumed. For materials in solution with water this is a valid assumption, The
spectral dependence of the refractive indices of dry particles is illustrated for the different
components in Figure 1, the real and imaginary part, respectively. It is obviously that, except
for soot, both parts of refractive index show a strong spectral variance, especially at near and
far infrared wavelengths.

Hygroscopic and deliquescent particles grow with increasing relative humidity. With the
relative humidity aerosol particles change their size, their density and their refractive index as
the dry particulate matter can be assumed to be mixed with water. Since the crystallisation
humidity for most salts and salt mixtures which form natural hygroscopic aerosols is less then
40 % relative humidity (Winkler, 1973; Shaw and Rood, 1990), under natural conditions the
hysteresis in the particle humidity growth curve due to different deliquescence and
crystallisation humidity usually can be ignored. Thus a model after Hinel and Zankl (1979)
for equilibrium conditions is used to describe the correlation between aerosol size and relative
humidity. The humidity dependent size of the particles of each component is taken into
account by the changing mode radii as function of relative humidity, but leaving the standard

deviation & unchanged. Table 2 gives mode radii r, and specific densities p for the

hygroscopic components for 8 humidity classes. Note that the particle radius already is
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increased at 50 % relative humidity, because 0 % is a theoretical value, and not equal to dry
from laboratory conditions, which is about 30 % or more.

Density and refractive index m* (both real and imaginary part) of the particles under humid
conditions are calculated, under the usual assumption that the volume of the water and the dry

particle are additive in the solution droplets, by

3 3
rmdry Tm '"l'mdry3
p = pd.ry 2 + pwater _Tf‘a_
I'm m
(3.4)
3
% % % w rmdf)’
mT=m ‘water +(m .dry —m .water) I 3
m

with 1y, 4 is the mode radius of the dry particle and 1, the mode radius at the definite relative
humidity.

The particle volume and mass presented in Table 3 for 8 values of relative humidity, is given
both under the assumption of a cut off radius of 7.5 wm and with the assumption of no radius
limitation in Equation 3.2, The effect of such a cut off is shown, because most measurements
have some kind of cut off, which can make a significant difference between the measured and
the actual mass concenfration. This is essential in cases with high amount of large particles, as
over deserts and over ocean. For the calculation of radiative properties, of course, no cut off is
taken into account.

The radiative properties of each of the components are calculated with Mie-theory (computer
program by Quenzel and Miiller, 1978) under the assumption that the particles are spherical
for 60 wavelengths in the range between 0.25 pum and 40 pm. To calculate the optical
properties, mostly a lower limiting radius of 0.005 pm and an upper limiting radius of 20 pm
is used. Coarse mode particles, seca-salt coarse mode and mineral coarse mode, are modelled
with upper radii of 60 pm in the dry case because such large particles really are collected
(d’ Almeida 1987; Coude-Gaussen et al., 1987; Dekker and de Leeuw, 1993). The lower and
upper bounded radii for Mie-calculation also are changed with relative humidity.

Usually tropospheric aerosol consists of particles of different origin. Thus, as mentioned, for
this data base the aerosol at a given location is composed by combing from one to four
components (denoted by an index i) each with different particle number concentration N; ,
[particle per cubic-centimeter, cm™]. One particle of a component in this sense is an averaged
particle, which describes the optical properties of the total component, integrated over radii.
This is the most direct way to model aerosol mixtures and in addition allows easily to take

into accounts effects of relative humidity, which are different for the different components in a
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mixture. The aerosol mixtures should be individual for each place, given by the individual
number of particles of each of the components. This is better than a description by a fixed
mixing ratio of the components in combination with the total number of particles, because
usually with a change of the total amount of particles, i.e. the turbidity, also the relative
contribution of the different components changes.

The size distribution of the total aerosol in every case is added from its components using the
individual particle numbers Nj,

dN(l) _ dNi(I')
d{logr) 71 d(logr)

(3.5)

This adding is also correct for total particle number and mass concentration.

Since aerosol particles interact independently with the radiation field, the extinction-,
scattering- and absorption coefficients for total aerosol are obtained by summing 'up the
coefficients of the components, under consideration of the individual particle number. The
single scattering albedo, To , and the asymmetry factor, g, valid for the total aerosol, are
obtained as weighted averages of the corresponding values for the individual components.
They must be weighted by extinction coefficient respectively scattering coefficient

o(A) = X o, (A)- Oc; (A / 2. Ce (A\) (3.6)
i 1
g\ = >i:gi (A) o5, (M) / Z o5, (M) (3.7)
i

Since the mixture of components is highly variable, radiative properties for total aerosol are

given later as global maps.

4 Microphysical and optical data of aerosol components

The properties of the 10 aerosol components used in the GADS are discussed in the following
section. The components are water-insoluble, water-soluble, soot, sulfate droplets, sea-salt and
mineral, in which the last two exist in different size classes. The size parameters are given in
Table 1, the refractive index for dry particles in Figure 1 and humidity dependent properties in
Table 2 as introduced before. Representative optical parameters - mass extinction efficiency,
single scattering albedo, and the asymmetry factor of the scattering function - calculated by

Mie programme are plotted in Figure 2 for the relative humidity of 50% as function of




wavelength. Additionally, for selected wavelengths of 0.5 jum and 10 pm, in the Table 4 the
optical parameters are given.

The mass extinction efficiencies are calculated under the assumption, that the extinction
coefficient is valid for the airborne particles, that is with the limiting radii mentioned above,
but the mass is determined by a probe and the cut off radius is taken into account. Thus, the
values are much larger than if the mass used is calculated from size distributions with no
radius limit, Given the strong dependence of mass optical efficiencies on the density and
volume, it is indeed important to take note of which parameters are measured or modelled and
how.

The optical parameters in Figure 2 show a strong spectral dependence on the aerosol
component which results from both spectral refractive index and the size distribution. The
extinction (Figure 2a) exhibits a strong decrease with increasing wavelength, for the smaller
sized WASO, SOOT and SUSO particles, in the visible spectral range but nearly constant
values for bigger particles such as SSAM, MIAM and INSO. Basically, the single scattering
albedo shown in Figure 2b, depends on the imaginary part of the refractive index. If this value
is low, the particle is only a weak absorber and the single scattering albedo is close to one as
for sea-salt (SSAM), SUSO and WASO at the short wave spectrum. At large wavelengths all
components are absorbing, as the SOOT, the INSO and the mineral aerosols are more or less
already in the visible, with the consequence of low single scattering albedo. The low values at
3 um for the hygroscopic components result from water absorption at this wavelength, which
takes place since the values in Figure 2 are calculated for 50 % relative humidity.

The asymmetry factor is a measure of the forward scattering properties of the particles, and
it’s behaviour is dominated by the particle size relative to the wavelength. It is high for large
particles and decreases with increasing wavelengths, superimposed by effects of the variable
refractive index as shown in Figure 2c. It is interesting to note that the asymmetry factor may
be altered if non spherical particles are considered due to the enhanced sideward scattering
(Koepke and Hess, 1988). However this effect depends strongly on the particle radius

(Mugnai and Wiscombe, 1986) and thus is not considered in this paper.

4.1 Water-insoluble component

That part of the aerosol particles under mid-fatitude conditions which is insoluble in water, is
given as component INSO. Its size distribution and refractive index are taken from the dust-

like particles (WMO, 1983), after Shettle and Fenn (1979). The particle density used is p = 2.0
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glem®, somewhat less than that of pure clay minerals (Weast, 1976) and thus in agreement
with the assumption, that the particles of this component are a mixture of ‘dust’ and the
insoluble part of the organic material is part of this component, which has a lower density
(Sloane, 1984).

Optical properties of individual components are sparse in the literature because it is difficult
to measure them independently, From a literature review by Trijonis and Pitchford (Malm et
al., 1994) scattering efficiency is found to be 0.6 m%/g for coarse mass, and 1 m?%/g for soil.
This is in agreement with the data for INSO, if the mass is integrated over the complete radius
range. The values in the Table 4, however, take into account the cut-off radius [of typical
particle counters], with the consequence of higher mass optical efficiencies.

The single scattering albedo for INSO indicates relatively high absorption properties. These
result from the refractive index used and can be explained with Fe,0O; associated with aerosol
forming soil, which is highly absorbing (Bohren and Huffman, 1983). Moreover, also the
organic material which is not taken into account as soot but as part of INSO may partly be

light absorbing carbon (Malm et al., 1994),

4.2 Water-soluble component

The water-soluble part of aerosol particles, which consist of various kinds of sulfates, nitrates
and other water soluble substances (Shettle and Fenn, 1979; Shaw and Paur, 1983;
Heintzenberg, 1989) is combined to the component WASO the mass of which is about twice
that of the mass of sulfate alone. It is assumed to be an internal mixture of all condensable
material, as ultimate stage of an aged sub-micrometer particle population. The water-soluble
part of the organic material which is assumed to be half of its mass (Jaenicke, 1988; Malm et
al.,, 1994) is also taken to be part of WASQ, The component is the dominant part in
continental aerosols, but is also used to model the fraction of small aerosols over oceans
(Clarke, 1988).

The size distribution of WASO is taken from Shettle and Fenn (1979) which was accepted in
WMO (1983), however taking into account that the mode radius which is given there is valid
for moderate humidity. To get the radius for dry particles of WASO (Table 1) we calculated
their humidity dependency as mentioned under assumption of pure ammonium sulfate and
fixed the mode radius in such a way, that the value from Shettle and Fenn (1979) is reached at
75% relative humidity. The particle density used for the dry particles is p = 1.8 g/cm3 (Volz,
1972; Weast, 1976).
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The refractive index for dry particles is taken from Shettle and Fenn (1979), is primarily based
on the measurements of Volz (1972). It describes the component WASO to be slightly
absorbing (Table 4) which can be explained by its mixture of different material including parts
of organic carbon. The mass scattering efficiency of WASO (Figure 4) is in good agreement
with values measured for sulfate particles (Hegg et al., 1993) and assumed to be valid for
sulfates, nitrates and organic carbon (Malm et al., 1994) which are the dominant constituents
of WASO. This is not valid for scattering of total fine particles (Waggoner and Weil3, 1980).
If however, the mass of sulfate only used to describe the scattering coefficient of all scattering
particles the mass scattering efficiency is about a factor of two higher (Charlson et al., 1991;
Hegg et al.,, 1993), because the sulfate mass is only about half of the total mass of the

scattering particles.

4.3 Soot component

The component called SOOT is used to represent absorbing black carbon particles
characterised by its high imaginary part of the refractive index as illustrated in Figure 1.
Depending on the way the soot particles are generated and may react during their lifetime in
the atmosphere, they have different properties, e.g. different values of the complex refractive
index (see Colbeck et al., 1989; Horvath, 1993). The values used are taken from Shettle and
Fenn (1979) and are well within the variability found in the literature (see review by Colbeck
et al. 1989, Horvath, 1993, Twitty and Weinmann, 1971). As a consequence of the concept of
external mixture of components, no internal mixture of soot with hygroscopic particles is
assumed. Thus, the size of the soot particles is not varied with relative humidity (Dlugi, 1989).
Although aged soot particles are fractal clusters i.e. agglomerations of small, approximately
spherical elements strung out in long, often multi-connected chains (Bruce et al., 1991), their
radiative properties are thought to be calculated with Mie-theory. Thus, the particles are
described as spheres which describes the elements of the chains with a size distribution (Table
1) is taken from WMO (1983). The effects of close vicinity of the particles are neglected,
which is possible, because the spheres in the agglomerate act essentially as independent
absorbers (Colbeck et al,, 1989). Due to the structure with empty space, with high
aerodynamic radii, a particle density of 1 g/em® is assumed (Horvath, 1993; Nyeki and
Colbeck, 1994).

Experimentally determined values of mass extinction efficiency show the continuous decrease

with wavelength (Bruce et al., 1991) which can be scen in Figure 2a for SOOT. The
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agreement of single scattering albedo and mass absorption efficiency from Figure 2 and Table
4 with measured values is good (Bruce et al., 1991; Colbeck et al., 1989; Clarke et al., 1987;
Gerber and Hindman, 1982; Sloane et al., 1991). But it must be mentioned, that the data in the
literature show a variability in the order of two due to the different methods and analysed

material.

4.4 Sea-salt components

Sea-salt particles are described with two components which have the same refractive index
but are different in size (accumulation mode SSAM and coarse mode SSCM). The size
distribution parameters are taken after WMO (1983), where the values are valid for average
humidity conditions. Under the assumption, that the ry given there are valid for a relative
humidity of about 75%. The radii for dry particles (Table 1) and for different relative
humidities (Table 2), are modelled after Hiinel and Zankl (1979).

The refractive index for dry particles is taken from Shettle and Fenn (1979). The density of the
dry sea-salt particles is assumed to be p = 2.2 g/cm3 (Weast, 1976; Hiinel, 1976). Radiative

properties will be discussed later for maritime aerosol mixtures.

4.5 Mineral components

Mineral aerosol or desert dust produced in arid regions consists of quartz and clay minerals
e.g. hematite. These particles are described by four components, which are assumed to have
the same refractive index, but are different in size. Nucleus mode (MINM) accumulation
mode (MIAM) and coarse mode (MICM) together with a certain amount of WASO form the
aerosols over deserts. A component called mineral transported (MITR) is used to describe the
acrosol far away from its sources, transported over long distances, with a reduced amount of
large particles, as for example in the Saharan aerosol layer over the Atlantic.

The size distribution parameters of the components which are used to describe the aerosol
over deserts are given by d’Almeida (1989) [which are an improved description of his earlier
measurements (d’Almeida, 1987)]. Only one set of mineral components is used because
additional components give no improvements with respect to the range of variability, which is
found when different measurements (from elsewhere than the Sahara) are compared (Patterson
and Gilette, 1977; Levin and Lindberg, 1979; d’ Almeida and Schiitz, 1983; Désalmand et al.,
1986; Fouquart et al., 1987; Tanré et al,, 1988; Nakajima et al., 1989). The size distribution of

the long range transported mineral component is given after Schiitz (1979) which fits with
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data measured by Kondratyev (1981) and d’Almeida and Schiitz (1983). For this component,
the radius range is reduced to 0.02 <r £ 5 pum, to consider the long time, which has passed by
the transport of the aerosol particles far away from their sources. That means, in calculation
both of mass and of optical properties, the radius range is restricted to these values.

The mineral particles do not change their properties with relative humidity. Their density is p
= 2.6 g/lem®, which is valid for a mixture of quartz and clay minerals (Weast, 1976) and
usually adopted.

The refractive index used is based on a compilation of various data as discussed by Carlson
and Benjamin (1980) and Sokolik et al. (1993). The data used are based mainly on Volz
(1973), Levin et al. (1980), and Patterson et al. (1977), slightly modified in infrared to take
into account quartz absorption features in agreement with transmission measurements
{Schiitz, 1979).

Nakajima et al. (1989) found optical properties of desert dust, which may result from strong
non-sphericity of the particles at least of large particles. However, at present in GADS mineral
dust particles are treated to be spherical, This is justified by measurements of Kaufman et al.
(1994) and Sokolik and Golitsyn {1992) and by the fact that optical properties calculated with
Mie-theory and used for remote sensing purposes lead to results which are in agreement with
surface based measurements (Jankowiak and Tanré, 1989; Rao et al,, 1988).

Optical properties of desert dust are measured usually for the particle mixture and not for
individual components. Thus, they will be discussed later, However, as a first approximation,
values measured at high dust load can be compared with that of the accumulation mode,
which dominants the optical properties. From Figure 2 the typical spectral behaviour of the
extinction coefficient can be seen which is nearly independent of the wavelength in the solar
spectral range (Levin et al., 1980; Tanré et al., 1988; Pachenko et al., 1993). For the Sahara

aerosol layer, which values have to be compared with MITR o, = 0.25 m2/g was measured by

Carlson and Caverlyr(1977) and @y =0.73 at 0.5 tm wavelength.

4.6 Sulfate solution

The component called sulfate solution (SUSQ) is used to describe stratospheric aerosol and to
describe sulfate particles which are found in the Antarctic aerosol and are assumed to have
their source in the stratosphere. It is described with size distribution parameters after Shaw
(1979) which similarly were found by Yamato et al. (1987). Under the assumption that these
particles are 75% H,SQy, the refractive index is taken from Fenn et al. (1985) based on the
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measurements of Palmer and Williams (1975) and Remsberg (1971 and 1973). The density p
= 1.7 g/em’ is taken from Roth and Scheel (1923).

4.7 Water

Water is not a component itself, but used to describe humidity dependent size changes. This
has consequences on particle density and refractive index, which are calculated for humid
particles under the assumption of volume additivity. The refractive index of water is given

after Shettle and Fenn (1979) on the basis of Hale and Querry (1973).

5 Global distributions of the aerosol components

The global aerosol distribution is given as climatologically averaged values both for the winter
(December through February) and summer (June through August) seasons on a global grid
with a resolution of 5° by 5° longitude and latitude, independently for the components
discussed above. The data are presented as global maps of the aerosol in the first layer above
the surface for selected season. The resulting optical properties are discussed in section 7,

In any case, only the dominant components are taken into consideration. That means, in
contrast to the results of transport models, acrosol components are neglected, if their amount
is very low and if the possible contribution to the radiation budget or climate effects is
negligible. The number of components are restricted to at most four which are dominant at
each grid cell.

In principle, the presented global maps of aerosol components have been obtained through
estimates and analysis of a large number of different measurements and model simulations.
Unfortunately, many of measurement methods are not comparable or the measure ranges are
not identical. Because the aerosol distribution is temporally and spatially varied in its
dependence on formation and removal processes, we have tried to assume an objective
analysis on the global scale. For this purpose we have included global fields of meteorological
and climatological parameters such as wind, cloud cover and precipitation, as well as the
industrial production, surface structure and population, In regions where little or no data are
available, the presented aerosol concentration has been identified with other regions which are
comparable to these environmental conditions. While this method is not completely

satisfactory, it provides an initial attempt to quantify the global aerosol pattern.
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The data in GADS are given as number concentration, because the aerosol number
concentration can be treated as constant with changes in the relative humidity whereas the
mass concentration would change because of the accretion or evaporation of water. However,
in the figures to show the global data which follow, we present the distribution of the
components as mass concentration, because these data are more meaningful, e.g. with respect
to source budgets and can be compared more easily with measurements. However, with
respect to measurements, again the effect of cut off must be mentioned, which is taken in
following as a 15 um diameter. The relative humidity used for the figures is taken to be 50 %,

with respect to filter measurements with analyse under laboratory conditions,

5.1 Global Field of the component INSO

The component INSO describes water-insoluble aerosol particles from continental, but not
desert origin. Figure 3 shows the global distribution of the mass concentration of INSO in the
surface layer for the northern winter (December to February). The particles are concentrated
near their sources because of the relative short life time of the particles. The sources for
insoluble particles are industrial processes, ash, dust from fields and streets, and material from
biogenic sources like pollen, spores and leaf litter. Thus the values are highest over dry
surfaces with low plant cover (Mishra, 1988). Also, higher mass mixing of water-insoluble
particles are found in regions with agriculture and human activities (Heintzenberg, 1989;
Malm et al., 1994). Lower values are over woods (Artaxo et al., 1990), and even lower over
dense and low plants, at least for wet conditions., The concentration of INSO from natural
sources is lower in winter than in summer (Hofmann, 1993; Malm et al., 1994) and lowest
over snow. This explains the distribution over the continents, the low values over polar
regions, and the differences between summer (not presented here) and winter. In remote
regions over oceans, INSO is neglected due to the low values (Gaudichet et al., 1989) and is
also neglected in the regions of extended deserts, where mineral particles are used to describe

the non-soluble fraction of aerosol.

5.2 Distribution of the component WASO

The component WASO is used to describe water-soluble particles, generated from gas-to-
particle conversion, from industrial and natural processes, and also directly emitted water
soluble particles from the soil or biological sources. The pattern of WASO which can be seen

in Figure 4 results from different sources and sinks which are discussed in the following. The
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anthropogenic sources which give the dominant part lead to high mixing ratios over industrial
and urban regions (Heintzenberg, 1989; Hinel, 1994) which of course are smoothed out in the
geographical resolution used and leads to features similar to that modelled for sulfate, but with
higher concentration because WASO includes all water-soluble materials and not just sulfate.
The water-soluble aerosol particles, as mixture of material from anthropogenic and natural
sources have a maximum during the summer or seasonally effects may be balanced in
proportion how the two parts contribute to the total amount of WASO (Husain and
Dutkiewiecz, 1990; Willison et al., 1985; Shaw and Paur, 1983; Hofmann, 1993; Trijonis,
1982). Also seasonally different rain probability changes the WASO amount. This is the
reason why over tropical rain forests fine aerosol mass is formed to be larger in dry than in
wet season (Andreae et al., 1988; Artaco et al., 1990, Talbot et al., 1988). Water-soluble
aerosol particles are also present in desert regions (with some percent in mass) (Patterson and
Gilette, 1977, Levin and Lindberg, 1979; d’ Almeida and Schiitz, 1983; Sokolik and Golitsyn,
1992) and may result both from local and remote sources.

Over oceans the description of the fine particle mode using WASO is in agreement with the
general finding, that aerosols in these smaller size categories are composed of sulphate
material derived from sea-salt, from dimethylsulfide emissions by biological life in the ocecans
and by anthropogenic sulfate emissions (Meszaros and Vissy, 1974; Charlson et al., 1987
Hoppel and Frick, 1990). O’Dowd and Smith (1993) found evidence that also small aerosols
particles consist mostly of sca-salt, but with little wind speed dependence. Thus, the amount
of WASO is assumed to be sea salt sulfate.together with non-sea-salt sulfate of biological
activity in remote areas with values estimated after Clarke et al. (1987), Erickson et al. (1991)
and Fitzgerald (1991). Over the northern Atlantic and the western Pacific, WASO is enhanced
in regions with continental influence, (Sievering et al., 1989; Whelpdale et al., 1988; Yamato
and Tanaka, 1994). In the north polar regions strong differences are found between winter,
with enhanced northern transport from anthropogenic polluted areas with an accumulation of
particles as Arctic haze (Wendling et al., 1985; Barrie, 1986; Heintzenberg, 1982; Shaw,

1982) and the conditions in summer when the accumulation is less pronounced.

5.3 Global soot distribution

The global pattern of the mass concentration of SOOT is given in Figure 5, here for the
northern summer. SOOT is produced by combustion process, i.e. industries, home, heating,

traffic, and biomass burning. Thus its amount is highest in densely populated regions at mid-
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latitudes during local winter (Heintzenberg, 1989; Horvath, 1993; Ohta and Okita, 1984; Shah
et al,, 1986; Hinel, 1994; Huanling et al., 1991). The reported concentrations may be
misleading because averages are susceptible to the infrequent occurrence of high
concentrations in the data sets. Moreover, to take into account the large size of the grid
resolution, the values are reduced against most of the data found (Pinnick et al., 1993).

Emissions from the biomass burning in Africa and South America is dominant during the
local dry season (Desalmand et al., 1986; Cachier et al., 1985; Andreae et al., 1988; Artaxo et
al., 1990). Forest fires in northern regions are less frequent than in tropical regions (Chung,
1984; Cahoon et al., 1994) and this is considered with no soot or very low soot values.

From the northern industrialised regions soot also is transported over the oceans (Ohta and
Okita, 1984; O’Dowd et al., 1993) and during the winter months to the Arctic so that the
concentration increases (not shown here) (Rosen et al., 1981; Rahn, 1981; Shaw et al., 1993).
Soot particles which are transported over the tropical Atlantic and Pacific are neglected

because their total amount is low (Andreae et al., 1994; Clarke, 1989).

5.4 Number concentration of sea-salt

Sea-salt particles of oceanic origin are representative for the boundary layer over oceans
together with the water-soluble component which was already discussed (Meszaros and Vissy,
1974). The number concentration of the sea-salt particles is mixed from the two sea-salt
components SSAM and SSCM which are assumed to be wind speed depended. This is the
dominant factor for their amount (Hoppel et al., 1990), although individual scatter plots show
that salt mass concentrations can vary by an order of magnitude e.g. due to precipitation which
may reduce the concentration (Hoppel and Frick, 1990). The expressions
Nssam =exp (0.18 - u + 1.4) (5.1)
Nsscm = exp (0.23 -u-7.8)
which relate the particle number concentration to the wind speed v in m/s are developed using
data which give number concentrations (Smith et al., 1993; O’Dowd and Smith, 1993), data of
mass concentrations (WMO, 1983; Erickson et al., 1986; Marks, 1990; Fitzgerald, 1991) and
also fit measured size distributions (Hoppel et al., 1990, Fitzgerald, 1991).
The equations take into account that the increase of particle concentration with increasing
wind speed is more pronounced for larger particles (Monahan et al., 1983; Smith et al., 1993).
The data also fit values measured at higher levels in the atmosphere (WMO, 1983; Bergametti
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et al., 1989) if the height distribution for maritime conditions is taken into account and the
wind speed is reduced to that at sea level.

The geographical distribution of sea-salt presented in Figure 6 as number concentration of
SSAM for the northern summer is calculated after Equation (5.1) from the wind speed
modelled in the climate model ECHAM (Roeckner et al., 1992) as an climatological average
for the season in consideration. It is obviously that due to the seasonal variations of the wind
velocity the strong difference in high-latitude of northern and southern hemisphere and the
tropical region is caused. Sea-salt is part of the polar acrosols (Barrie and Hoff, 1985; Pacyna
and Ottar, 1985; Cunningham and Zoller, 1981) and near the coast may be part of continental
aerosol (Willson et al., 1985). This is modelled only with the sea-salt accumulation mode,
because the larger sea salt particles are not transported over longer distances (Rossknecht et
al., 1973).

5.5 Global distribution of mineral particles

The aerosol over deserts is mixed from the three mineral components MINM, MIAM and
MICM, together with a certain part of WASO as mentioned above. Impact of salting sand
grains is the most important mechanism responsible for dust entrainment. This effect is wind
velocity dependent, but its variability is controlled by a combination of saltation energetics
and soil mechanisms (Shao et al., 1993). These are soil-dependent factors, with the result that
arid regions have higher dust potential than hyper arid regions (Pye, 1989) and that the
threshold velocity is highly variable (Nickling and Gillies, 1989). However, in every case was
found that with increasing total amount of particles also the relative amount of large particles
increases (M¢élice et al., 1984; d’Almeida, 1987; Tanré et al., 1988; Nakajima et al., 1989;
Schiitz et al., 1981). Thus, the mixture of the mineral components to describe the size
distribution is not related to the wind speed, but to turbidity, that means to the total amount of
mineral particles. On the basis of measured size spectra from different deserts, both number
and volume distributions, a correlation was determined between the total number of mineral
particles of a desert aerosol, Nunerat, and the numbers N; of the three components MINM,
MIAM and MICM from Table 1:

In Ny = 0.104 + 0.963 In Npineral

In Nmianmt = - 3.94 + 1.29 In Npinerar (5.2)

In Nyiem = - 13.7 + 2.06 1n Npineral
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Rounding errors in Equation 5.2 exceed 4 % for Nyineral < 20, which however is not restriction
with respect to natural conditions because it corresponds to a visibility of more than 100 km.
The approximations in Equation 5.2 are used to describe the size distribution of mineral
aerosols at all deserts in the world. The total number of mineral particles is described on the
basis of a variety of measurements from optical depth to mass loading, from visibility to dust
storm frequency. The component MITR in addition is used to describe desert aerosol
transported away from its source in a level above the surface as mentioned in chapter 6, and
also to describe mineral aerosol particles in the boundary layer for regions away from the large
deserts and for smaller desert regions like Arizona and Namibia.

The amount and geographical distribution of mineral aerosol is different for summer and
winter due to different atmospheric circulation. To get the amount of mineral dust over Sahara
measurement of number and mass concentration are used, but also data of visibility and
optical depth from ground and satellite are considered and converted to concentration in the
surface layer taking into account the height distribution presented in chapter 6 (d’Almeida,
1986; d’Almeida and Schiitz, 1983; Melice et al., 1984; Joseph et al., 1973; Merill et al,,
1989; N’Tchayi et al., 1994; Legrand et al.,, 1995; Schiitz et al.,, 1981). All types of
information, such as dust storm frequency, is used for desert regions outside Sahara where the
mineral dust amount is less frequently analysed (Arkawa, 1969; Middleton, 1989; Bergametti
et al., 1989; Prospero, 1981; Gao et al., 1992; Golitsyn and Gillette, 1993; Goudie and
Middleton, 1992; Tsakov et al., 1992; Merrill et al., 1989). Observations from ground, aircraft
and satellite are taken to describe the distribution of the mineral aerosol transported from the
Sahara over the Atlantic (Prospero and Carlson, 1972; Talbot et al., 1986; Swap et al., 1992},
and Mediterrancan (Dulac et al., 1992) and from the Gobi desert over China to the Pacific
(Merrill et al., 1989; Zhang et al., 1993).

The total mass concentration of all mineral components is combined in Figure 7, as example
for winter. Both the mineral mass in the surface layer is presented with green over yellow to
red colouring, and the mineral aerosol mass in the higher levels where it is transported signed
by blue colour. Corresponding to this global winter distribution the summer field is globally
similar however the far transport over the Atlantic drifts approximately 10 degrees

northwards.
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5.6 Distribution of SUSO

The component SUSO not shown in a Figure is used to describe the sulfate aerosols in the
Antarctic region (Shaw, 1979; Ito, 1993} with increased values in the southern summer

(Maenhaut et al., 1979; Cunningham and Zoller, 1981).

6 Vertical aerosol distribution

Vertical distribution of aerosols in the troposphere is highly variable (Reagan et al., 1984;
Sasano and Browell, 1989; Kristament et al., 1993) depending at least on the actual thermal
structure and on vertical mixing processes and thus on actual weather, season, time during the
day and properties of underlying surface. However, here due to the general averaging, on the
one hand, and the limited possibility of vertical resolution in climate models, on the other
hand, only a simple description of vertical aerosol distribution is taken into account.
Moreover, the height distribution of each grid point is assumed to be independent of season.
The atmosphere is separated into a boundary layer, the free troposphere and the stratosphere.
For each gridpoint the aerosol properties within these layers are not modified in composition
but in their amount. In cases with transported desert dust in an upper level, an additional layer
is inserted between the boundary layer and the free troposphere.

Within the boundary layer the aerosol is well mixed and the mixing ratio of the aerosol
components presented previously is assumed constant in the layer. The depth of the boundary
layer depends mainly on the underlying surface, on the season and on the aerosol formation
processes in the approximate range of 1 to 6 km above the ground.

Over land surfaces outside deserts a constant mixing in a layer with height is assumed, in a
boundary layer of 2 km (WMO, 1983; Pinnick et al., 1993). Over oceans, convection and thus
mixing of aerosol with height is less pronounced, resulting in an exponential decrease with a
scale height of I km in the boundary layer of 2 km height (Patterson et al., 1980; Kristament
et al., 1993). In cases with an additional dust layer above, this is settled between 2 km and 3.5
km, with a concentration independent with height (Prospero and Carlson, 1972; Schiitz et al.,
1981). Over deserts, the lifting of aerosol particles reaches higher levels, that is the layer with
desert aerosol is 6 km with an exponential decrease with a scale height of 2 km (Jaenicke,
1992). In the Arctic in winter an aerosol layer is found well above the ground, with

concentrations which may be higher at higher levels (Barrie, 1986; Pacyna and Ottar, 1988;
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Heintzenberg et al., 1991) because the aerosol sources are mainly outside the region. This
behaviour is described by the boundary layer up to ~ 2 km with a particle concentration which
is taken as fixed with height. In the Antarctic region, outside the area near the shore, down-
welling results in a good mixture of aeroso! with air molecules (Tomoyuki, 1989; Ito, 1989)
over the total layer, which is assumed to be ~ 5 km height with respect to the elevated surface.
Above the boundary layer the free tropospheric aerosol is described for regions north of 20°N
by an aged continental aerosol (Kent et al, 1991; Heintzenberg et al., 1991; Clarke, 1992),
even over the oceans (Patterson et al. 1980), because it is mainly due to thermal transports
over land (Davies, 1987) and thus mixed by components of WASO, SOOT and INSO. For the
equatorial region and the southern hemisphere it is modelled by the water-soluble component
alone.

The concentration of the free tropospheric aerosol is varied with respect to geographical
latitude and season on the basis of satellite observations (Kent et al., 1991). The layer with
free tropospheric aerosol is modelied with constant mixing, i.e. a scale height of about 8 km
from the top of the boundary layer or from above the layer with transported mineral aerosol up
to 12 km, which is used as a fixed value for the height of the tropopause.

The tropopause height as well as the amount of stratospheric aerosol is not varied, because the
present study is focused on the tropospheric aerosol. But, for the purpose calculating the total
optical depth, values for the stratospheric aerosol is described by the aerosol component
SUSO with fixed non-volcanic value (Schult, 1992), For use in GCM in general a more
detailed stratospheric aerosol climatology, such as developed by McCormick and Wang
(1993) should be used. After many major volcanic eruptions there is a significant increase in
the stratospheric aerosol loading for upwards of three years afterwards. For such cases higher
particle concentrations must be used based on values measured or modelled as a function of
time after the eruption, (e.g. Sato et al., 1993).

The profiles of the number distribution can directly be used to describe height distribution of
optical quantities related to particle concentration. The specific profiles described above are
not varied with aerosol components or local environmental conditions like rain or clouds, due
to the sparse number of investigations. They also are not correlated to geographic latitude and
season or properties of surface. However, such a connection is feasible due to the variation of

convective processes and should be added in a later version of GADS.
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7 Global distribution of aerosol related properties

In this section we present properties of the aerosol externally mixed from its components
based on the GADS. Both for winter and summer global maps are presented properties like of

mass concentration and optical depth, which easily can be compared with measurements.
7.1 Mass concentiration of the mixed components

The total mass concentration of the combined external mixture of the aerosols is equal to the
sum of the individual aerosol components with the global distributions as described in the
previous section. Figure 8 shows the mass concentration of the mixed aerosols in the surface
layer both for the northern winter (Figure 8a) and for summer (Figure 8b). Mineral aerosols
lifted by convection to elevated levels, and transported, in a second acrosol layer are not
included in this data. The presented data are based on the assumption of the relative humidity

of 50% and a maximum measured radius of 7.5 um. The highest mass concentration, in the

order of 400 ug/m3 occurs over the Sahara desert where heavy mineral particles are the
predominant sources.

Further remarkable in Figure 8§ is the high mass concentration over oceans. Aerosols of
oceanic origin are largely sea-salt particles which together with a background water-soluble
aerosol, is representative for the boundary layer over oceans. Thus, maritime aerosol is mixed
from the two sea-salt components SSAM and SSCM, together with WASO and, at places
which are influenced by land or anthropogenic aerosols, SOOT and INSO are added. Due to
the higher wind speeds in the winter and the associated with a higher sea-salt input compared
with the summer, the mass concentration reaches values up to 50 ug/m3 over the northern
hemisphere oceans. The Figure also includes the long range transport of aerosol over the
northern Atlantic from industrial production.

Atmospheric aerosol over continental regions outside deserts usually is a mixture of gas-to-
particle and bulk-to-particle acrosols and thus a mixture of the inscluble and water-soluble
components, with the potentiality of soot. The mass concentration amounts to in the range of
10 up to 40 pg/m’ which is in agreement with observations. In the region of the influence of
an ocean, sea-salt may be part of continental aerosol. This is modelled only with the sea-salt
accumulation mode, because the larger sea salt particles are not transported over longer

distances. Likewise, near deserts mineral components may be part of the continental aerosol.

22




As indicated in Figure 8, the mass concentration of aerosol is small over polar regions. Arctic
aerosols, i.e. the aerosol over the snow and ice covered areas, are mixed from INSO, WASO,
SOOT and SSAM (Shaw, 1982; Clarke et al., 1984; Barrie, 1986; Clarke, 1989; O’Dowd and
Smith, 1993), with differing mixtures for the winter and summer conditions,

The aerosol for the Antarctic region is described as mixed from sulphate (SUSO) together
with sca-salt (SSAM) and a mineral component (MITR) with mixing ratios after Shaw (1979)
and Cunningham and Zoller (1981). The amount of particles is increased compared to that at
the pole station (Artaxo et al., 1992; Guerzoni et al., 1992), because the data are not varied

over the total Antarctic continent due to limited knowledge.
7.2 Optical depth of total aerosol

In Figure 9 the optical depth are presented for relative humidity of 50%, as an representative
average for the lower troposphere. The relative humidity is not varied with season and
location in the figure, to show the effect of spatial variations of the acrosol loading and not of
the humidity variations. Shown are maps of the optical depth at 0.5 pm wavelength which is
given, on the one hand to compare with satellite observations, and on the other hand, to
present the radiative aerosol effect integrated over solar spectral range, which together with
the surface albedo and solar elevation is most relevant for aerosol direct climate forcing. This
optical value is given to show the high variability of this quantity, even over continental
surfaces.

The optical depth is high over high polluted regions of the northern hemisphere, and a bit
higher in summer. Since the wind speed over the ocean varies with the season and
geographical location, the resultant optical depth over oceans also varies and is within the
range of 0.05 to 0.18 which is well in accordance with seasonal maps by polar orbiting
satellites after Husar et al. (1995).

High optical depths have been found over deserts as well as over tropical Atlantic caused by
the long range transport of mineral particles. The area of higher optical depth over Atlantic
mainly produced by this long range transport and represented by the MITR, is located more
northerly in the summer than in the winter due to the changed circulation. Again, it can be
seen, that the values in the GADS show the good agreement with the data usually found in the
literature (e.g. Kaufman, 1995).

For the interpretation and comparison of the results we use the zonal mean values, although it

should be noted that the global patterns are highly variable. Figure 10 shows the zonally
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averaged optical depth at a wave length of 0.5 m and a assumed relative humidity of 50% for
the total aerosol loading within the atmosphere and the contribution thereof from the land and
ocean for winter and summer, respectively. The peak zonal mean optical depth occurs over the
tropical latitudes, and is dominated by the contribution from desert acrosol which alone gives
a zonal mean optical depth of 0.32 for winter and of 0.28 for summer, Also as expected the
optical depth is high over the main anthropogenic source region of northern hemisphere mid-
latitudes and over the ocean in the high wind speed region of the south hemisphere.

The global annual mean optical by total aerosols is resulted of 0.101 at 50% relative humidity.
Note, that the optical depth for differently assumed humidities is significantly distinguished,
with a global mean of 0.063 for 0% compared to 0.139 for 80% in winter. Thus an increase in
the relative humidity leads to an increase in the optical depth, especially over ocean where the

relative humidity is often much higher than 50%.

8 Conclusion

The Global Aerosol Data Set presented here is a new data compilation in which the current
acrosol measuremenis and model results have been included. The global distribution of
atmospheric aerosols has been described in terms of the distributions of a set of ten principal
aerosol types. These aerosol components have been selected and defined through their particle
size distribution and their wavelength dependent index of refraction. For these components,
the normalised optical parameters are calculated using Mie scattering theory. Additionally, the
global fields of the mixture of aerosol components are defined, including their vertical
profiles, for winter and summer.

In 1983, the conclusion of an experts’ meeting on aerosols (WMO, 1983) was: that because of
the large spatial and temporal variability of aerosols in the atmosphere, especially in the
troposphere, it was not possible with the then existing techniques to make sufficient
measurements to give statistical means and variances of aerosol properties which are suitable
for climate modelling. Since that time measurement techniques have been improved, however
the amount of measured data is still too low for satisfactory statistical means, and other
significant uncertainties still remain (Charlson and Heintzenberg, 1995).

These are uncertainties with respect to:

¢ quality of the basic measurements which are limited in time and places

¢ incompleteness of measurements (insufficient closure experiments)
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¢ description of aerosol particles with a limited number of components

e quality of the data (refractive index and size distribution) to describe the components

o validity of mixture and amount of components to give aerosol as an average for a specific
location

e aerosol height distribution

e aerosol description at places without measurements

e calculation of radiative properties with Mie-theory which neglects non-sphericity of
particles.

In this sense, the Global Aerosol Data Set presented here is of limited nature. However, it

should be mentioned, that the brick-box principle easily allows to improve the data, especially

by improved properties of individual components, the aerosol height profiles and the global

distribution or another scatter code instead of Mie-theory. Furthermore, if temporal changes of

the aerosol properties on a global scale should be present, or a trend of acrosols is observed it

would be possible to integrate changes due into the physical definition of the data set.

With respect to the limited nature of the data, recommendations on overlooked data, on new

measurements or other suggestions for improvements would be highly appreciated by the

authors. In addition, during the next several years a number of new satellite measurements

will be making measurements of the tropospheric aerosols and their radiative properties both

over the ocean and over land (e.g. MODIS, MISR, MOS, MEKIS, POLDER). Also the results

from several major aerosol field measurement campaigns [ACE-1 and TARFOX] are

currently being analyzed, or are about to take place, [ACE-2]. As the new data become

available it will be necessary to modify the components of the GADS and their global

distribution.

By now, the GADS is a basis for appraising direct radiative forcing by aerosols, with the right

order of magnitude, and with spatial resolution which allows to include effects of albedo and

sun position, Extensive investigations of climate effects by atmospheric aerosols based on this

GADS have been started.
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List of Symbols and Constants

Symbol Definition Unit
s, Extinction coefficient km'
s, Scattering coefficient km”
o, =0,-0, = Absorption coefficient km'
@, =95 o Ca Single scattering albedo

Ge Ge
F(0) Phase function at scattering angle 6 sr’
g Asymmetry factor
8 =| 6,dz := Optical depth of a column in the atmosphere
z Height in the atmosphere km
P Particle density g-cm®
A Wavelength um
N Particle number density cm”®
M Mass concentration ng-m*
\% Volume concentration cm®.cm®
m* Refractive index (real and imaginary part)
r, Mode radius Lm
G Standard deviation of the size distribution
ot =0,/M = Mass extinction efficiency m".g”
c* =0,/M := Mass absorption efficiency m*g’
o =In (c,/c,) / In (\/A,) := Angstrém exponent
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Components of the Global Aerosol Data Set
No. |Aerosol Component Name m o p
[um] [g/cm3]

1 Water-insoluble INSO | 4.71E-1 2.51 2.0
2 |Water-soluble WASO | 212E-2 2.24 1.8
3 |Soot SOOT | 1.18€E-2 | 2.00 1.0
4 | Sea-salt (accumulation mode) | SSAM | 2.09E-1 2.03 2.2
5 |Sea-salt (coarse mode) SSCM | 1.75E40 | 2.03 2.2
6 |Mineral (nucleus mode) MINM | 7.00E-2 1.95 2.6
7 | Mineral (accumulation mode) MIAM | 3.90E-1 2.00 2.6
8 [Mineral (coarse mode) MICM |[1.90E+0| 2.15 2.6
9 | Mineral-transported MITR | 5.00E-1 2.20 2.6
10 |HpoSO4-Droplets SUSO | 6.95E-2 | 2.03 1.7

Table 1: Aerosol components of the Global Aerosol Data Set and their main microphysical
parameters.
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RH [%] 0 50 70 80 90 95 98 99

WASO
rm [um] | 0.021 | 0.026 | 0.028 | 0.031 | 0.035 | 0.040 | 0.048 | 0.053
p [o/em?) 1.80| 142| 133 1.27] 118 1.12| 1.07| 1.05

SSAM
Fm [um] 0.209 | 0.336 | 0.378 | 0.416 | 0.497 | 0.605 | 0.801 | 0.995
p [g/em?) 2207 129 120] 115} 1.09| 1.05] 1.02 | 1.0t

SSCM
Fm fim] 1.75 | 282 | 3.17| 3.49}| 4.18| 511 684 | 859
p [g/em®) 220 129 120} 115} 1.09| 1.05{ 1.02| 1.01
SUSO
Fen [zm] 0.070 | 0.098 { 0.109 { 0.118 | 0,135 | 0.158 | 0.195 | 0.231
p [glem®] 1.70( 125 1.18) 1.14| 1.10| 1.06| 1.03| 1.02

Table 2: Mode radius and specific density of the hygroscopic aerosol components for eight
values of relative humidity RH.
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Radius Range Theoretical Value
0.005 - 7.5 um
RH Volume Mass ' Volume Mass
(%] [um®m*i/m® | [ug/m®1/em®) | [um®¥m®1/m% | [ug/m®A/cm?)
INSO
i 1.19E+01 | 2.37E+01 | 1.99E+01 | 3.98E+01
WASO
0 7.43E-04 1.34E-03 7.43E-04 1.34E-03
50 1.40E-03 1.99E-03 1.40E-03 1.99E-03
70 1.80E-03 2.40E-03 1.80E-03 2.40E-03
80 2,23E-03 2.84E-03 2.32E-03 2.95E-03
90 3.28E-03 3.88E-03 3.28E-03 3.88E-03
95 4.95E-03 5.54E-03 4,95E-03 5.54E-03
98 8.40E-03 8.99E-03 8.41E-03 9.00E-03
99 1.19E-02 1.25E-02 1.19E-02 1.25E-02
SOO0T
| 598E-05 | 598E-06 | 5.98E-05 | 5.98E-05
SSAM
0 3.64E-01 8.02E-01 3.65E-01 8,03E-01
50 1.50E+00 1.93E+00 1.52E+00 1,.96E+00
70 2.12E+00 2.54E+00 2.16E+00 2.59E+00
80 2.81E+00 3.23E+00 2.88E+00 3.31E+00
90 4.69E+00 5.12E+00 4.91E+00 5.35E+00
95 8.18E+00 8.59E+00 8.85E+00 9.30E+00
98 1.75E+01 1.78E+01 2.06E+01 2.10E+01
99 3.02E+01 3.05E+01 3.94E+01 3.98E+01
SSCM
0 1.01E+02 2.23E+02 2.14E+02 4,71E+02
50 2.05E+02 2.65E+02 8.96E+02 1.1B6E+03
70 2..32E+02 2.78E+02 1.27E+03 1.53E+03
80 2.52E+02 2.90E+02 1.70E+03 1.96E+03
90 2.83E+02 3.09E+02 2.92E+03 3.18E+03
95 3.03E+02 3.18E+02 5.33E+03 5.60E+03
98 2.95E+02 3.01E+02 1.28E+04 1.31E+04
99 2.61E+02 2 64E+02 2.53E+04 2.56E+04
MINM
| 1.07E-02 | 2.78E-02 [ 1.07E-02 | 2.78E-02
MIAM
{ 213E+00 | 553E+00 | 2.16E+00 | 5.61E+00
MICM
[  128E+02 | 821E+02 | 4.01E+02 | 1.04E+03
MITR
{  7.37E+00 | 1.92E+01 | 859E+00 | 2.23E40t
SUSO
0 1.34E-02 2.208E-02 1.34E-02 2.28E-02
50 3.76E-02 4.70E-02 3.76E-02 4,70E-02
70 5.18E-02 6.11E-02 5.18E-02 6.11E-02
80 6.57E-02 7.49E-02 6.57E-02 7.49E-02
90 9.83E-02 1.08E-01 9.84E-02 1.08E-01
95 1.58E-01 1.67E-01 1.58E-01 1.67E-01
98 2.96E-01 3.05E-01 2.96E-01 3.05E-01
99 4.91E-01 5.01E-01 4,938E-01 5.03E-01

Table 3: Volume and mass concentration normalised by one aerosol particle per em® for all
aerosol components and humidity classes for the radius range of 0.005 to 7.5 um and for the
whole radius range named by theoretical values after Equation 3.2, respectively.
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Optical Parameters of Aerosol Components GADS

A=0.5um A =10 pum
Aerosol Oe* Wo g Oe" W g
Component [mz /] [me /]

INSO 0.21E+0 0.72 0.84 |[0.18E+0| 0.58 0.66

WASO 0.36E+1 0.98 0.68 0.49E-1 0.04 0.16

SO0T 0.11E+2 0.23 0.35 |[0.35E+0{ 0.00 0.01

SSAM 0.13E+1 1.00 0.78 0.84E-1 0.49 0.56

SSCM 0.12E+0 1.00 0.82 [013E+0| 0.72 0.87

MINM 0.28E+1 0.95 0.67 0.91E-1 0.09 0.16

MIAM 0.55E+0 0.83 0.76 |[032E+0; 047 0.38

MICM 0.74E-1 0.62 0.87 0.95E-1 0.52 0.69

MITR 0.26E+0 0.78 0.81 0.24E+0| 0.48 0.44

SUSO 0.38E+1 1.00 0.77 | 017E+0| 0.05 0.12

Table 4: Mass extinction efficiency, single scattering albedo and asymmetry factor of the
aerosol components at the wavelength of 0.5 pm and 10 pm.
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Figure 1: Complex refractive indices of aerosols dependent on the wavelength; both real part
(a) and imaginary part (b).
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factor (c) dependent on the wavelength.
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Figure 4: Global distribution of the aerosol mass concentration [lLg/m’] of the component WASO in the surface layer for winter.
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Figure 5: Global distribution of the aerosol mass concentration [ug/m3] of the component SOOT in the surface layer for summer.
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Figure 6: Global distribution of the aerosol number concentration [cm™] of the component SSAM in the surface layer for summer.
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Figure 7: Global distribution of the aerosol mass concentration [cm'3 ] of all mineral components (MINM, MIAM, MICM, MITR) in the surface
layer (green to red colouring) and in the second layer of the far transport (blue colouring) for winter.
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Figure 8a: Global distribution of the mass concentration [pg/m’] of the external mixture of all aerosol components in the surface layer at the

relative humidity of 50% for winter. Calculations are based on particle mass for the radius range up to 7.5 pm.
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Figure 8b: Global distribution of the mass concentration [ug/m3] of the external mixture of all aerosol components in the surface layer at the

relative humidity of 50% for summer. Calculations are based on particle mass for the radius range up to 7.5 pm.
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Figure 9a: Optical depth of the total aerosol at the wavelength of 0.5 wm and relative humidity of 50 % based on the Global Aerosol Data Set for
winter.
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Figure 9b: Optical depth of the total aerosol at the wavelength of 0.5 pum and relative humidity of 50 % based on the Global Aerosol Data Set for
summer.
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Figure 10: Zonal means of optical depth (A = 0.5 um) by total aerosols for winter (a) and
summer (b). Zonally averaged values over land (e) and ocean (0) are also shown.
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